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[1] Relaxation-type models have good skill at reproducing glacial-interglacial transitions in
climatic variables. Here we propose a simple two-box and two-state relaxation-type model
for the upper ocean (surface and permanent thermocline layers) where dissolved inorganic
carbon/nutrients are supplied by the deep ocean and through remineralization within the
upper ocean. The model is tuned using genetic algorithms to simulate the atmospheric CO2
time series for the last four glacial-interglacial cycles. The ﬁt to the data is very good, with
correlations above 0.8, as the upper ocean responds to shifts in (1) the intensity of the
meridional overturning circulation, from off to on during the glacial-interglacial transition,
and (2) the size and sign of net primary production, with respiration greatly exceeding
primary production during interglacial periods and production larger than respiration during
the glacial phase. The glacial-interglacial transitions are interpreted as shifts between two
distinct metabolic states of the Earth system, with high/low supply of dissolved inorganic
carbon and nutrients to the productive upper ocean during interglacial/glacial periods.
Citation: Pelegrı´, J. L., P. De La Fuente, R. Olivella, and A. Garcı´a-Olivares (2013), Global constraints on net primary
production and inorganic carbon supply during glacial and interglacial cycles, Paleoceanography, 28, 713–725,
doi:10.1002/2012PA002419.
1. Introduction
[2] The Earth system has presented an alternation between
glacial and interglacial states during the last circa 3 Myr
[e.g., Imbrie et al., 1993; Sigman and Boyle, 2000; Paillard,
2001; Raymo and Nisancioglu, 2003; Sigman et al., 2010].
These two states display substantial changes in diverse global
variables, such as high/low atmospheric CO2 values during in-
terglacial/glacial periods [e.g., Petit et al., 1999; Siegenthaler
et al., 2005; Lüthi et al., 2008]. Considering that the amount
of dissolved inorganic carbon (DIC) available in the ocean is
much larger than that contained within the atmosphere and
biosphere, and given the rates of exchange between these dif-
ferent compartments, it turns out that the oceans are the princi-
pal responsible for glacial-interglacial changes in atmospheric
CO2 [e.g., Sundquist and Visser, 2003]. Therefore, the main
processes that have been invoked to explain these atmospheric
variations are thought to operate on the intensity of the physi-
cal, biological, and chemical ocean pumps.
[3] The physical pump is traditionally related to seasonal
and latitudinal changes in sea surface temperature, as the
partial pressure of CO2 within the ocean surface depends
largely on temperature [e.g., Siegenthaler and Sarmiento,
1993]. The concept, however, is easily extended to consider
actual changes in the content of total DIC within the surface
ocean, related to the presence of waters of different origin
[Sarmiento and Toggweiler, 1984; Siegenthaler and Wenk,
1984; Toggweiler, 1999]. The biological pump depends
directly on variations in net primary production, as it trans-
forms DIC into organic carbon [Broecker, 1982a, 1982b;
Sarmiento and Toggweiler, 1984; Knox and McElroy,
1984; Martin, 1990]. Finally, the chemical pump relies on
changes in calcium carbonate (CaCO3), either due to external
ﬂuxes or through the dissolution of carbonate organisms: An
increase in carbonate raises the ocean’s alkalinity which af-
fects the partition of DIC and leads to the sequester of atmo-
spheric CO2 [Broecker, 1982a; Broecker and Peng, 1987].
All three pumps rely, to a large degree, on the rate at which
bottom waters (relatively cold, nutrient rich and DIC rich)
are brought in contact with the atmosphere, i.e., they rely
on the intensity of the meridional overturnning circulation
(MOC) [Stommel, 1961; Broecker, 1991].
[4] A number of box-type models, focused on reproducing
the interglacial and glacial maximum conditions, have investi-
gated the relative importance of these pumps [e.g., Sarmiento
and Toggweiler, 1984; Siegenthaler andWenk, 1984; Paillard
et al., 1993; Toggweiler, 1999; Peacock et al., 2006; Skinner,
2009]. Estimates on the drawdown of CO2 change substan-
tially depending on the diffusive and advective circulation
patterns, the assumptions on the conservation and distribution
of properties, and whether external factors (such as sediment
and dust sources) are allowed. The complexity of a model,
and likely its realism, increases with the number of boxes,
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but the large scatter among all results tells us that the relative
importance of the mechanisms operating during glacial and
interglacial periods remains to be elucidated.
[5] Given the evident difﬁculty for determining the differ-
ent contributions during steady state conditions, it is no
surprise that time-dependent box models are not used to
simulate glacial-interglacial transients. The alternatives are
idealized two-state relaxation-type heuristic models for one
or more coupled variables [e.g., Calder, 1974; Imbrie and
Imbrie, 1980; Watson and Maddock, 1993; Paillard, 1998;
Paillard and Parrenin, 2004; Hogg, 2008; García-Olivares
and Herrero, 2012, 2013]. These models assume the exis-
tence of two different ocean states (glacial and interglacial)
and allow DIC, and other oceanic variables, to relax toward
different reference values; for example, the control equation
for ice volume, I, has the form dI/dt = (Ir I )/τice, where Ir
is a reference ice volume and τice is a relaxation time.
[6] The behavior of relaxation models depends on three
types of parameters: the timing for the system to switch state,
the reference concentrations during each state, and the length
of time required for the system to relax toward the reference
value. A proper formulation for these parameters requires
good knowledge of those mechanisms forcing the behavior
of the physical, biological, and chemical pumps, particularly
of those processes setting the MOC intensity and the concen-
tration of the transported properties. The parameters may not
be constant; for example, the relaxation time typically changes
depending on the state and variable under consideration. Many
mechanisms have been proposed, such as atmospheric (wind
and thermal) forcing, deep ocean stratiﬁcation, sea ice cover-
age in the southern ocean, and oscillations in the burial of
carbonates [Paillard et al., 1993; Paillard, 1998; Toggweiler,
1999; Stephens and Keeling, 2000; Paillard and Parrenin,
2004; Hogg, 2008; Toggweiler et al., 2006; Skinner, 2009;
García-Olivares and Herrero, 2013]. However, no determin-
istic formulation is yet available so these parameters are usu-
ally speciﬁed through (properly tuned) heuristic dependences
on external and internal forcing.
[7] The Paillard and Parrenin [2004] relaxation-type
model illustrates the good skill of heuristic models at repro-
ducing the time series of diverse climatological proxies;
García-Olivares and Herrero [2013] have recently optimized
the model’s formulation to obtain correlations with data as
high as 0.90 for ice volume and 0.79 for atmospheric CO2.
This model has three time-dependent variables (ice volume,
Antarctic ice extent, and atmospheric carbon dioxide), with
the reference value for each variable expressed as a linear
function that may involve insolation and all three variables.
A step-like change of state is speciﬁed through an additional
dependent variable, efﬁciency in bottom water formation,
which is directly related to ice volume and inversely linked
to the amount of insolation over Antarctica and the extent of
the Antarctic ice sheet. The argument is that high efﬁciency
implies the formation of salty, well-stratiﬁed and high-CO2,
bottom waters; when this variable falls below certain thresh-
old, the formation of stratiﬁed bottom waters is substantially
reduced, and there is a discontinuous increase in the CO2 ref-
erence concentration. The Paillard and Parrenin [2004]
model has the virtue of identifying the existence of multiple
processes and, therefore, represents an important step forward
in our understanding of climate transitions. Nevertheless, as in
all heuristic arguments, it is unquestionable that there is no
unique interpretation for the forcing mechanisms and, further-
more, different versions for the formulations are possible with
equally good results [García-Olivares and Herrero, 2012,
2013]. For example, a high rate of deep water formation,
no matter how salty and stratiﬁed these waters are, implies a
fast recirculation of DIC-rich deep waters to the surface.
Actually, even a very slow rate of deep water formation would
imply relatively short time scales for the MOC, e.g., only one
Sverdrup (1Sv= 106m3 s1) would ﬁll the world’s oceans in a
time scale of the order of 10 kyr. Therefore, the relevant argu-
ment should not focus on the formation of bottom waters but
rather on how isolated these waters are, in terms of both negli-
gible diapycnal mixing (because of high vertical stratiﬁcation)
and a small sea-surface print (possibly helped by sea surface
ice capping). This brief discussion illustrates that heuristic
relaxation-type models are capable of grasping some of the
relations between variables and the dependences to external
forcing but, as they are not based on fundamental principles,
other unknown interactions are certainly possible.
[8] In this study we propose a very simple time-dependent
DIC model for an upper ocean that changes at glacial-
interglacial time scales. This upper ocean is understood as that
part of the ocean holding an active wind- and/or buoyancy-
driven thermocline circulation and having relatively short
(order 10 years) characteristic time scales, connected to a nutri-
ent-rich deep ocean through the MOC. The model, inspired
on the way local and remote energy supply allows a living
being to sustain transitions between basal and enhanced
metabolic states [Pelegrí, 2008], is capable of reproducing
the glacial-interglacial transitions with the sole action of a
peculiar version of the physical-biological pump. The net
autotrophic community production in the upper ocean sets
the metabolic rate of the ocean system, sustained through
remineralization within the upper ocean (local or proximal
reserves) and deep-ocean supply through a changing MOC
(remote sources). The results lead us to interpret interglacial
periods as times of enhanced metabolic rate, sustained by high
heterotrophic respiration (greater than net autotrophic commu-
nity production) and intense MOC supply, and glacial periods
as times when community production exceeds total respira-
tion. An innovative character of the model is the role assigned
to the pool of dissolved organic carbon (DOC) in the upper
ocean, building up during glacial periods and being consumed
during interglacial times, analogous to proximal (and fast)
energy reserves in living beings.
[9] The DIC equation arises from conservation arguments
in a very simple two-box ocean; therefore, no heuristic inter-
pretations are necessary, its structure being that of a relaxa-
tion-type model. The model is tuned with genetic algorithms
to hindcast the atmospheric CO2 during the last four intergla-
cial-glacial cycles. It can neither predict the timing when the
system switches state nor the reference concentrations during
both states, which are set from the data through simple criteria,
but ﬁnds the size and temporal dependence of the MOC (the
inverse of relaxation time) and sets constraints on the amount
of primary production and remineralization in the upper ocean.
2. A Simple Transient Model for the Upper Ocean
2.1. Transient Box Model for the Upper Ocean
[10] Pelegrí [2008] has proposed the Earth to be an opti-
mized pulsating system, analogous to many other living
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beings, and has endorsed the idea that it may be studied using
global, physiological-like, variables. In particular, he argued
that the glacial and interglacial periods correspond to times of
rest and exercise for an autotrophic planet, in terms of its skill
to convert solar energy through photosynthesis (see also
Appendix A in the supporting information). The efﬁciency
of this conversion is set by the availability of DIC and inor-
ganic nutrients, supplied both through remineralization of
DOC in the upper ocean (local and fast sources) and by the
MOC advection of nutrient- and carbon-rich deep waters
(Figure 1 (top)). In this paper we will further explore these
ideas using, as our reference variable, the concentration of
DIC in the upper ocean simply because it may be calibrated
against the paleorecord of atmospheric CO2. We must keep
in mind, however, that DIC is always in excess at the sea sur-
face so that inorganic nutrients, with substantial differences
in concentration between the upper and deep ocean, are the
truly limiting factors for primary production; hence, hereafter
we shall think of carbon as accompanying the nutrient supply
in proportions close to the stoichiometric Redﬁeld ratios
[e.g., Anderson and Sarmiento, 1994] so that we will indis-
tinctly talk about (inorganic) nutrients or carbon supply.
[11] A complementary view is obtained by considering a
simple ocean composed of a time-changing upper box and
a deep immutable chamber, as shown in Figure 1 (bottom)
[Pelegrí, 2008]. The upper box contains surface and thermo-
cline waters, in direct or indirect contact with the atmosphere,
the latter via Ekman or buoyancy pumping [Stommel, 1979;
Luyten and Stommel, 1986]. The rate of water recirculation
within the upper box is much greater than the rate of water
exchange between both compartments; hence, at glacial-
interglacial time scales, we consider the upper ocean
recirculation to solely be responsible for homogenizing
the carbon and nutrient concentrations in the upper box.
The upper and deep compartments are connected through
the MOC: Water from the upper box sinks into the deep
chamber at high latitudes, indistinctly in the Northern and
Southern Hemispheres, and eventually recirculates back to
the upper ocean. The rate of exchange between the two
compartments may change in time through variations in the
MOC, shifting between two stable (although not necessarily
steady) states [Stommel, 1961].
[12] Temperature, salinity, and alkalinity play no role in
our highly idealized two-box model. The arrival of deep wa-
ters to the upper compartment only affects its inorganic
carbon (and nutrients) content and will bring no other prop-
erty anomalies. Therefore, we focus on the biological pump
related to the transformation of new and remineralized
carbon (nutrients), ignoring any changes in air-sea CO2 ex-
change associated to possible thermodynamic and chemical
upper ocean variations. This approach allows us to examine
the evolution of DIC in the upper ocean, during the last four
glacial-interglacial cycles, solely through the Vostok record
of atmospheric CO2. This is because (for constant tempera-
ture, salinity, and alkalinity) the relation between DIC in
the upper ocean (carbon dioxide, bicarbonate, and carbonate)
and atmospheric CO2 is approximately linear in the 180 to
280 ppm pCO2 range (see also Appendix D in the
supporting information).
[13] Obviously, we do not attempt to produce a fully diag-
nostic model; rather, we propose a conceptual approach that
focuses on understanding what the CO2 time series tells us
about global constraints on primary production and inorganic
carbon supply during glacial and interglacial cycles. Some of
the underlying approximations are indeed reasonable; for
example, alkalinity does not change through the introduction
of CO2 into the water, and it is neither much affected as a
result of the synthesis or remineralization of organic matter
[Paillard et al., 1993; Brewer and Peltzer, 2009]. However,
we disregard any (potentially important) effects on atmo-
spheric CO2 related to the introduction of cold waters to the
surface ocean or to relative changes in the concentration of
calcium carbonate during enhanced primary production; in
section 5, we will come back to some of these issues.
[14] After arrival of deep water to the upper ocean, some of
its inorganic carbon and nutrients are photosynthesized and
converted into organic matter while some are left unused
and returned back to the deep ocean during winter deep water
formation (Figure 1). The equations for DIC, c, and DOC, cr,
in the upper ocean are
d cVð Þ
dt
¼ R P þ Q G cð Þ →s:s: Ps  Rs ¼ Qs Gs  csð Þ; (1)
d crVð Þ
dt
¼ P  R Qcr →s:s: PRs ¼ Qs cr;s; (2)
where Q(t) is the volume transport (or overturning rate), V is
the upper ocean volume, G(t) is the DIC concentration
reaching the upper ocean through the returning MOC, and
Figure 1. (top) Schematics of the change in energy supply to
mammals, as an example of complex system, as it switches
from onemetabolic state to another. In this plot, the supply dis-
cretely changes between two different, low and high, energy
supply levels. (bottom) Main elements of the two-box model
for DIC concentration in the upper ocean. The closed rectangle
represents the upper ocean. The net advective DIC supply is
given by Q(G c) and the aerobic processes RP account
for the deﬁcit or excess supply. Adapted from Pelegrí [2008].
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R(t) and P(t) are the remineralization and primary production
of the upper ocean, respectively; the s subindex denotes
steady state (s.s.) conditions. In these expressions, the respi-
ration comes from both the autotrophic Raut and heterotro-
phic Rhet communities, i.e., R =Raut +Rhet (see Appendix A
in the supporting information). A similar formulation was
proposed by Pelegrí [2008] and Pelegrí et al. [2011] but with
the important difference that the deep ocean input was taken
asQ cd instead ofQG, with cd being the high-DIC concentra-
tion of the deep ocean; the deep ocean concentration was
assumed constant and always larger than c therefore condi-
tioning the size and sign of RP.
[15] Equations (1) and (2) are conservative for the upper
ocean. Equation (2) shows that DOC is transferred from the
upper to the deep ocean, where these materials will have
plenty of time to remineralize. The model is largely idealized
as it ignores any thermal and chemical ocean change, such as
the deep-ocean carbonate system, and does not consider the
high-nutrient and low-chlorophyll Southern Ocean. Further,
it assumes the system is closed, i.e., it does not address pro-
cesses such as iron fertilization, export of particulate organic
matter, and changes in coastal erosion between glacial and
interglacial cycles. Finally, it is not clear whether the concen-
trations of inorganic carbon and nutrients have signiﬁcantly
changed within the deep ocean in the past [Ganeshram
et al., 1995; Sigman and Haug, 2003; Sigman et al., 2010],
so the simplest hypothesis is to choose them constant. The
model, therefore, focuses on the transformation between in-
organic and organic matter within the upper ocean and on
the exchange of dissolved carbon between the upper and
deep ocean compartments through the MOC.
[16] The steady state form of equation (1) is identical to
equation (A1) in the supporting information. This is a rele-
vant result, as it suggests that the two-box ocean model
may be understood as ruling the metabolic requirements for
the upper ocean but with a changing pool of DIC: Equation
(1) sets the fraction of solar energy used for photosynthetic
transformation of DIC into DOC. For this to occur, the sup-
ply of DIC to the upper ocean has to switch between two
different metabolic states, indistinctly supported by remote
and local sources, with an exponential-like relaxation toward
one single reference DIC value for each state.
2.2. Nondimensional Formulation
[17] As explained in section 1, one possible approach
to reproduce two-state DIC transitions would be through
a nondimensional relaxation-type equation, such as
d(cV)/dt =Q(g c), where each state has its own g value
for the reference DIC. In this equation, Q is inversely
proportional to the relaxation time, i.e., a rapid transition
corresponds to a large overturning rate and vice versa,
and a constant g sets the concentration level to be
attained by the upper ocean if it remains sufﬁciently long
within one single state. Equation (1) is turned into such
an expression by simply letting RP =Q(gG), i.e.,
dc
dt
¼ Q g  Gð Þ þ Q G cð Þ ¼ Q g  cð Þ: (3)
[18] In equation (3), the total DIC supplyQ(g c) has been
decomposed into an advective source from the deep ocean
Q(G c) and a term arising from biological processes within
the upper ocean Q(gG).
[19] Equation (3) is turned into nondimensional through
the following scaling: t= τ0 t ′, c= cd c ′, G= cdG ′≡ cdΓ, g=
cd g ′≡ cd γ, Q=Q0Q ′≡Q0 ε, and RP=Q0 cd (R ′P ′),
where τ0 is a glacial (or basal) time scale, cd is the DIC
concentration of the deep ocean, and Q0 =V/τ0 is the basal
recirculation rate, expressed in terms of the volume of the
upper ocean V. Assuming an upper ocean of constant vol-
ume, the corresponding nondimensional equation becomes
(dropping primes)
dc
dt
¼ ε γ Γð Þ þ ε Γ cð Þ ¼ ε γ cð Þ: (4)
[20] The main advantage of this last equation is its simplic-
ity, as the solution depends solely on two variables: the
recirculation rate or inverse recirculation time ε(t) and the
concentration level γ(t).
3. Modeling the Antarctic Time Series
3.1. State Changes: Timing and
Reference Concentrations
[21] Rather than modeling the absolute value of DIC
concentration in the upper ocean, we may look at its anom-
alies referred to some background state. Formally, this
means we restrict our calculations to a relatively small
DIC range where an approximate linear relation with
atmospheric CO2 is expected; in practice, this allows us
to use atmospheric CO2 anomalies as a proxy for changes
in the upper ocean DIC. Speciﬁcally, we deﬁne c ¼ c0
þc^ , g ¼ c0 þ g^ , and G ¼ c0 þ G^ , where c0 is a constant
value, and substitute back into equation (3), so that this
equation (after dropping hats) becomes an anomaly equa-
tion, and equation (4) is the corresponding nondimensional
anomaly relation. In the remaining of this paper, we will
use these normalized anomalies and will refer to them
simply as the nondimensional variables. Note that in order
to recover dimensional values (see section 5), we need to
dimensionalize the equations through an appropriate anomaly
scale (Δcd rather than cd). Table 1 summarizes all dimensional
parameters and variables, together with their nondimensional
counterparts, appearing in the paper.
[22] In order to tune our DIC anomaly model, we use a
nondimensional atmospheric CO2 signal anomaly, derived
from the Vostok time series for the last four interglacial-glacial
cycles, i.e., between years 432,375 and 20,750 before present.
To produce this normalized anomaly time series, we employ
the Lüthi et al. [2008] CO2 time series and follow three steps:
(a) select the smallest and largest values of the original time
series, (b) calculate the anomalies with respect to the smallest
value, and (c) normalize these anomalies by the difference
between the largest and smallest values. This normalized time
series is shown in Figure 2 (top); it comprises four interglacial-
glacial cycles chronologically named cycles 1 to 4, with cycle
4 the most recent one.
[23] To set the DIC supply, we use the two-state approxima-
tion: As the high state begins, the DIC requirements increase
rapidly while as it ends, these requirements also decrease
abruptly, so γ(t) must resemble a step function. Speciﬁcally,
the concentration level γ temporarily rises from a basal-glacial
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γg (low DIC requirements) to an enhanced-interglacial level γi
(high DIC state):
γ ¼
γg ; t < t1
γi ; t1≤ t < t2
γg ; t2≤ t
8><
>:
(5)
where γg and γi, respectively, set the glacial (rest) and inter-
glacial (exercise) levels. We choose γg = 0 and let γi constant
during each interglacial period but changing from one cycle
to another (Figure 2 (top)). A constant γ reﬂects the stability
of the system, i.e., during one speciﬁc glacial or interglacial
period, the system tends toward a reference point.
[24] The times for changing state, t1 and t2, and the refer-
ence levels during each interglacial period, γi, are speciﬁed
by applying simple criteria to the smoothed CO2 time series.
This smoothed series is obtained by low pass ﬁltering the
original time series: After several tests, we selected a 2 kyr
ﬁlter for the interglacial period and a 7 kyr ﬁlter for the glacial
period. The interglacial start time t1 corresponds to the last
time when the derivative of the smoothed series becomes
zero before the original time series overcomes some thresh-
old, taken as 75% of the interglacial maximum value. An ex-
ception occurs if the last two minima are separated by less
than 10 kyr; in this case t1 is taken to be the average between
these last two minima. Similarly, the end time t2 is taken as
the last time when the derivative of the smoothed series be-
comes zero before the original series decreases toward glacial
values, again set as less than 75% of the interglacial maxi-
mum value. Figure 2 (bottom) shows a detailed view of cycle
4, with the CO2 original and smoothed series, indicating
those times when the system changes from glacial to intergla-
cial, t1, and back to glacial, t2. The interglacial γi level is taken
as the mean value of the CO2 smoothed time series between
tpeak and t2, with tpeak corresponding to the time when the
smoothed series is maximum.
3.2. Recirculation Rate
[25] In a previous study [Pelegrí et al., 2011], the recirculation
rate was nondimensionalized as Q=Q0 Q ′=Q0(1 + ε), and
different ε(t) functions, always linearly increasing or decreas-
ing in time, were tested. It was found that the best data ﬁt
corresponded to ε(t) = 0 during the glacial period and ε(t) in-
creasing through the interglacial. This relation pertained to a
nondimensional basal glacial recirculation rate, Q ′=1, which
was greatly enhanced during the interglacial, Q ′ = 1 + ε(t),
with the maximum ε(t) much greater than 1. The interpre-
tation was that the glacial state corresponds to a situation
with a very slow MOC, bringing highly diluted deep
ocean DIC to the upper ocean, while the interglacial state cor-
responds to an active MOC, capable of bringing relatively
undiluted bottom waters to the upper ocean. However, as
Table 1. Summary of Parameters and Variables
Parameters, Variables Description Dimensional Scale Nondimensional
Parameters from
ocean data
Nowadays MOC transport (22 Sv, assumed to be the
same for all interglacial maxima)
Qmax Q0 εmax
Upper ocean volume (4.7 × 1017m3) V
Parameters from CO2
time series
Beginning times for interglacial and glacial periods,
respectively
t1, t2
Time length of glacial and interglacial periods,
respectively
Tg, Ti = t2 – t1
Time when the smoothed CO2 time series reaches
maximum values
tpeak
Reference DIC concentration for deep ocean waters
reaching back the upper ocean through the MOC
g cd (Δcd for anomalies) γ
Parameters as estimated
through GA
Time when the MOC transport is maximum
(eventually set to t2)
tmax
Time when the MOC transport returns back to zero
(eventually set to time step after t2)
t3
Glacial or basal time scale (inversely proportional to
the basal transport Q0)
τ0 =V/Q0
Other parameters Non-dimensional deep ocean DIC reaching the
upper ocean at the beginning of the interglacial
Γg =Γ(t = t1)
Fraction of glacial-stored DOC available for
remineralization during the subsequent interglacial
α
Variables Time t τ0 t
DOC concentration in the upper ocean cr - -
DIC concentration in the upper ocean c cd (Δcd for anomalies) c
DIC concentration in deep ocean waters reaching
back to the upper ocean through the MOC
G cd (Δcd for anomalies) Γ
MOC water transport Q Q0 ε
Exchange of DIC between the deep and upper
oceans or net DIC advective supply
Q(G c) Q0 cd ε(Γ c)
Upper ocean’s primary production P Q0 cd P
Upper ocean’s autotrophic respiration Raut Q0 cd Raut
Upper ocean’s heterotrophic respiration Rhet Q0 cd Rhet
Net autotrophic community production, equals the
upper ocean’s metabolic rate
M=PRaut Q0 cd M=PRaut
Upper ocean’s total respiration R=Raut +Rhet Q0 cd R=Raut +Rhet
Net community respiration, or negative net
community production
RP=Q(gG) Q0 cd RP= ε(γΓ)
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argued in section 1, the dilution argument is counterintuitive
as even a weak production of deep waters, if maintained dur-
ing a long enough period, should eventually bring a high con-
centration level.
[26] Here we pursue an alternative and, we trust, more co-
herent interpretation: We propose the deep ocean becomes
effectively blocked during glacial periods so that, in practice,
no high DIC bottom waters reach the upper ocean. In this
way, the change of DIC concentration within the upper ocean
will only depend on the value of PR. For this purpose, we
nondimensionalize the recirculation rate asQ=Q0Q ′≡Q0 ε(t)
and let ε(t) change linearly with time between the glacial and
interglacial periods. The numerical ﬁt turns out to be very sim-
ilar to that obtained by Pelegrí et al. [2011] as all the difference
in the current formulation lies on the interglacial recirculation
rate being ε(t) instead of 1+ ε(t). The interpretation for the gla-
cial period, however, is quite different: Rather than a weak
recirculation rate (Q ′=1), we think of the deep ocean as effec-
tively blocked (Q ′=0) so that no deep DIC sources are avail-
able. The decaying upper ocean DIC concentration is,
therefore, not the result of diluted deep waters reaching the
upper ocean but rather of DIC slowly being transformed into
DOC (PR> 0) within an isolated upper ocean.
[27] We examine the sensitivity of the model to simple ex-
pressions for the recirculation rate; speciﬁcally, we let ε(t) in-
crease linearly from ε(t= t1) = 0 to a maximum
ε(t = tmax) = εmax and then back to ε(t= t3) = 0 (Figure 3).
The time t1 coincides with the beginning of the interglacial,
the maximum recirculation takes place some time later,
tmax> t1, and the recirculation is blocked again at some
posterior time within the interglacial or the next glacial pe-
riod, i.e., t3 ≥ tmax can be smaller, equal, or larger than t2.
Notice tmax does not have to equal tpeak; the latter refers to
the actual CO2 measurements and is obtained from the max-
imum interglacial value in the smoothed time series while the
former concerns to the recirculation rate and is determined
from the model.
3.3. Best and Mean Value Predictions
[28] The model is calibrated in two steps as described in
Appendix B in the supporting information. In the ﬁrst step,
we discretely change parameters until we ﬁnd a group of
values that give an approximate ﬁt to the data (Figure 4
(top)). In the second step, we apply a genetic algorithm
(GA) to each interglacial-glacial cycle, initialized with the
previously calculated values, to search for the set of parame-
ters that provide the best ﬁt to the data (Figure 4 (middle) and
Table 2). Since these parameters change little from one cycle
to another, we may calculate the mean parameters for the
whole time series: γi ¼ 0:786 and τ0 ¼ 42:0 kyr (or, alterna-
tively, εmax ¼ 60:0). With these values, and setting tmax = t2
and t3 as the time step immediately after tmax, the model out-
put still keeps a quite high correlation (R2 = 0.78) to the data
(Figure 4 (bottom)).
[29] This simple model, with only two parameters (γi and τ0)
and the knowledge of the transition times (t1,t2) for each
cycle, is capable of reproducing the overall features of
the last four interglacial-glacial cycles (Figure 4). In particu-
lar, it matches correctly the asymmetry between the rapid
Figure 2. (top) Nondimensional normalized atmospheric
CO2 anomaly as deduced from the Vostok’s time series; the
rectangles indicate the length and intensity of those periods
with enhanced DIC supply. (bottom) Original and smoothed
CO2 time series for cycle 4, together with the time derivative
of the smoothed time series, illustrating the timings for the
enhanced-supply period. Adapted from Pelegrí et al. [2011].
Figure 3. Schematics illustrating the search parameters
used in the GA executions; the solid and dashed lines, respec-
tively, correspond to the recirculation rate ε and normalized
energy function γ.
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glacial-interglacial transition and the much slower intergla-
cial-glacial decay. This is because the circulation rate ε(t)
rises linearly in time during the interglacial period, ε(t) =
εmax (t t1)/(t2 t1), which results in an effectively fast circu-
lation rate (short relaxation time), while the transformation of
DIC into DOC during the glacial cycles occurs at a very slow
rate. The model certainly fails at simulating the abrupt
changes, so the ocean-DIC-atmospheric CO2 correlation can-
not become much larger than about 0.8.
[30] The linear ε(t) increase throughout the interglacial pe-
riod is in qualitative agreement with evidences of a more
intense MOC during interglacial periods than during glacial
periods [Boyle and Keigwin, 1982; Shackleton et al., 1983;
Labeyrie et al., 1992]. The interglacial MOC is assumed to
have had the same intensity Qmax during all interglacial pe-
riods, equal to the current rate of deep water formation (esti-
mated as 22 Sv). The nondimensional MOC peak, εmax, is
expressed as a multiple of a basal rate Q0, deﬁned in terms
of the glacial relaxation time τ0, εmax =Qmax/Q0 = (Qmaxτ0)/V.
Its actual value depends on the volume of the upper ocean
and the current rate of deep water formation, so its error bars
are probably as large as a factor of three. For example, if
Figure 4. Normalized atmospheric CO2 anomaly (gray line) and model results of the nondimensional
DIC in the upper ocean (black line) for three different cases; the panels also show the normalized energy
function γ, which sets the changes in state, and the nondimensional recirculation rate ε which increases rap-
idly during the interglacial period. (top) Model results for constant τ0 = 40 kyr, tmax = (t1 + t2)/2, and t3 = t2.
(middle) Model results for τ0 and tmax, so that εmax ≡ ε(t= tmax), as obtained from the best GA execution, see
Table 2. (bottom) Model results with the mean values for cycles 1, 2, and 4 (γi ¼ 0:786, τ0 ¼ 42:0 kyr) and
t3 = tmax = t2.
Table 2. The Top Three Rows Show the Parameters (t1, t2, and γi) Obtained From the Analysis of the CO2 Time Series
a
Par\Cycle 1 (Oldest) 2 3 4 (Youngest)
t1 (yrs BP) 432,375 339,275 249,675 138,375
t2 (yrs BP) 405,075 330,975 240,375 116,675
γi 0.816 0.776 0.624 0.765
Best execution τ0 (kyr) (εmax) 41.0 (58.6) 44.5 (63.6) 45.0 (64.3) 42.8 (61.1)
tmax  t1ð Þ= t2  t1ð Þ 0.957 0.925 0.987 1.003
Mean ±SD for 38 best executions
(correlation above 0.81)
τ0 (kyr) (εmax) 40.4 ± 0.9 (57.7 ± 1.3) 43.7 ± 0.6 (62.4 ± 0.9) 44.8 ± 0.2 (64.0 ± 0.3) 42.0 ± 1.2 (60.0 ± 1.7)
tmax  t1ð Þ= t2  t1ð Þ 0.977 ± 0.028 0.923 ± 0.021 0.993 ± 0.012 1.004 ± 0.002
aThe remaining rows show the two model parameters (εmax or τ0 and (tmax t1)/(t2 t1)) for the best data ﬁt as obtained after 400 GA executions for each
interglacial-glacial cycle (rows 4 and 5, correlation 0.813), and for the mean ± SD values of those executions (38) whose correlation with the observations is
above 0.81 (rows 6 and 7).
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today’s rate of deep water formation was 50Sv (instead of
22Sv) and the upper ocean had a mean depth of 2000m
(instead of 1400m), εmax would be about 20. A high εmax
value, either 20 or 180, simply reﬂects the different
processes operating over the DIC budget: an intense MOC
and net conversion of DOC into DIC during interglacial
periods and net conversion of DIC into DOC during
glacial periods.
4. Balancing the Upper Ocean DOC Budget
[31] The nondimensional concentration of DIC reaching
the upper ocean through the MOC is set by Γ(t). This variable
is key to understanding how the DIC input splits between
deep-ocean supply and remineralization of DOC within the
upper ocean. We may use simple Γ(t) dependences, together
with DIC conservation arguments, in order to explore this
partition. In this section, we will use a linear Γ(t) dependence
(Appendix C in the supporting information); further, in
order to simplify the mathematics, we consider one full
glacial-interglacial cycle with time zero set at the start of
the glacial period.
[32] The essential argument is that, after one full glacial-
interglacial cycle, the DIC in the upper ocean always approx-
imately returns to its initial value. This means that the carbon
budget is well balanced, i.e.,∫
TgþTi
0
dc=dtð Þ dt is approximately
zero because the area below dc/dt during the glacial approxi-
mately equals the area above dc/dt during the posterior inter-
glacial period (Figure 5):
 ∫
Tg
0
dc=dtð Þdt ¼ ∫
TgþTi
Tg
dc=dtð Þdt; (6)
where Tg and Ti, respectively, are the extent of the glacial and
interglacial periods (setting t= 0 at the start of the glacial
gives Tg = t1 and Ti= t2 t1). In our simple model, the ob-
served oscillations are entirely justiﬁed in terms of pure net
production during a glacial period and an equally large DIC
supply (indistinctly coming from the deep ocean and/or up-
per ocean DOC remineralization) during the adjacent inter-
glacial period. Equation (6) becomes
∫
Tg
0
P  Rð Þdt ¼ ∫
TgþTi
Tg
R Pð Þdt þ ∫
TgþTi
Tg
ε Γ cð Þdt: (7)
where Γ(t) =Γg+ (γiΓg)(t t1)/Ti and the value at the start
of the interglacial period, Γg, is given by equation (C5)
(Appendix C in the supporting information).
[33] The DIC reaching the upper ocean at the start of the
interglacial depends on the amount of DOC available for
remineralization, speciﬁcally on the fraction α of DOC accu-
mulated during the glacial period that is to be used during the
subsequent interglacial. The sources and sinks of DIC within
the upper ocean may be assessed for different values of α,
e.g., the smaller the α, the larger will be the MOC contribu-
tion. Figure 6 zooms at the model solution at times before,
during, and after an interglacial period for α = 1.0 and 0.5
(top and bottom panels, respectively). The rate of change of
DIC, dc/dt, and the deep ocean net input, ε(Γ c), are
computed from the model exact solutions (Appendix C in
the supporting information). The net interglacial respiration
is calculated as RP= ε(γiΓ), and the net community
primary production during the glacial stage is given by
RP= c. At the start of the interglacial period, the deep
ocean input may dominate the DIC budget, but later in the
interglacial, because of high remineralization, the DIC concen-
tration within the upper ocean temporarily exceeds those values
arriving from the deep ocean, leading to a net loss of DIC
through the MOC. We may see that as α decreases, the initial
input of DIC from the deep ocean is more relevant, and the
contribution from remineralization becomes less important.
Figure 5. Model results for glacial cycle 1, interglacial cycle 2, and the start of glacial cycle 2 as obtained
with the best GA execution (Table 2). The variables plotted are the DIC concentration in the upper ocean c
(black solid line), the total input rate ε γ (gray solid line), and the output rate from the upper to the deep
ocean  ε c (dashed gray line); the thick dashed gray line corresponds to the time derivative of the DIC
concentration dc/dt and the shaded areas illustrate that condition (6) is approximately satisﬁed.
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[34] The results, in particular the fractioning between deep
ocean DIC supply and upper ocean remineralization during
the interglacial period, depend on the expressions used for
Γ(t) and ε(t) and on the portion 1 α of DOC lost through
the MOC. This is simply because we are solving one single
equation with two unknowns. Further progress in this direc-
tion would require the joint solution of the DIC and DOC
equations, subject to proper initial conditions.
5. Discussion
[35] There are evidences which suggest that two important
properties of the upper ocean have been substantially differ-
ent in glacial and interglacial periods: The MOC connection
between the deep and upper oceans is enhanced during the
interglacial period [Boyle and Keigwin, 1982; Shackleton
et al., 1983; Labeyrie et al., 1992; Sigman and Boyle, 2000;
Sigman et al., 2010], and during the glacial stage, in subantarc-
tic waters, primary production exceeds respiration [Mortlock
et al., 1991; Kumar et al., 1995; Harris et al., 1996;
François et al., 1997; Robinson et al., 2005; Robinson and
Sigman, 2008; Martínez-García et al., 2009]. Our simple
model has shown that these evidences are consistent with a
highly idealized scenario for glacial-interglacial changes in
the supply of DIC to the upper ocean.
[36] At the beginning of the interglacial periods, there are
two sources of net DIC supply to the upper ocean: The
MOC brings deep ocean waters which have an excess DIC
concentration, and the upper ocean DOC reservoir becomes
progressively depleted as DOC is transformed into DIC
Figure 6. Model results zooming at interglacial cycle 2, as obtained with the best GA execution (Table 2),
for (top) α = 1 and (bottom) α = 0.5. The variables plotted are the DIC concentration in the upper ocean c
(solid black line), the net input rate through the MOC ε(Γ c) (dashed gray line), the net rate of
remineralization RP (solid gray line), and the time derivative of the DIC concentration dc/dt (thick
dashed gray line); the function Γ(t) is plotted as a dotted line.
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through enhanced remineralization (R>P). Both DIC sources
reach maxima some time during the interglacial period, lead-
ing to the highest rate of DIC (and inorganic nutrients) increase
but go back to zero by the end of the interglacial period as the
system approaches a steady state. The MOC source goes to zero
simply because the DIC in the upper ocean approaches the con-
centration of the deep ocean waters that reach back to the surface.
The eventual decrease in the net DOC to DIC transformation
within the upper ocean is related to the behavior of the metabolic
rate, deﬁned as the net autotrophic community production,
M≡PRaut. During the (enhanced) interglacial period, the
metabolic rate reaches toward a maximum value which equals
the heterotrophic remineralization, i.e., PR tends to zero
simply because both PRaut and Rhet are equal and maxima.
[37] During the glacial periods, the upper and deep oceans
are virtually disconnected, so very small amounts of DIC and
inorganic nutrients are supplied from the deep ocean, and pri-
mary production relies on the interglacial upper ocean pool of
DIC. During these periods, the upper ocean reached beyond
some 2000m, dominated by the presence of the glacial
North Atlantic intermediate waters (GNAIW) [Curry and
Oppo, 2005; Lynch-Stieglitz et al., 2007]. It seems likely that
the glacial upper ocean maintained a relatively rapid
recirculation [Oppo and Lehman, 1993], alike that of the
modern ocean, characterized by subduction of surface wa-
ters, DOC remineralization during their subsurface trip, and
their return to the surface layers at high latitudes [Kawase
and Sarmiento, 1985; Pelegrí and Csanady, 1991; Pelegrí
et al., 2006]. Such a swift and long glacial recirculation
would lead to an increase in the ﬂux of regenerated inorganic
nutrients reaching the euphotic layer and to a proportionally
enhanced primary production. The machinery simply be-
comes more efﬁcient, the only condition being that the
thermocline recirculation takes longer than the time scale
for remineralization. By the end of the glacial period, the
amount of stored DOC would reach a maximum.
[38] Our simple model satisﬁes the condition that the DIC
returns periodically to the initial condition, implying a tight
relation between consecutive glacial and interglacial periods:
A relatively long glacial period is followed by a proportion-
ally intense interglacial (Figure 2 (top) and Table 3). If the
upper ocean was locked, this would imply that the intergla-
cial remineralization could balance the glacial net primary
production. However, the interglacial upper ocean does drain
both organic carbon and DIC to the deep ocean, meaning that
both net (integrated over a glacial-interglacial cycle) primary
production and DIC supply from the deep to the upper ocean
are positive.
[39] The idea of long-term organic carbon storage in the
oceans has recently become the focus of substantial interest
(see reviews by Hansell et al. [2009] and Jiao et al. [2010]).
Hansell et al. [2009] argue that the deep ocean observations
of refractory DOC are consistent with lifetimes of about 15
kyr, the same order as the relevant time scale during intergla-
cial periods. This ﬁts the idea that the large upper ocean pool
of DOC, accumulated by the end of the glacial period, be-
comes a source of DIC and inorganic nutrients during the in-
terglacial stage. A simple calculation may be carried out to
assess potential DOC glacial-interglacial changes within the
upper ocean reservoir. Nowadays, the DOC reservoir has
been estimated to be about 700 Pg, with mean concentrations
in the upper ocean of about 45mmol C m3, while the DIC
reservoir is some 55 times larger [Sundquist and Visser,
2003; Hansell et al., 2009]. Assuming that we are close to
the end of the (anthropogenic unperturbed) interglacial, the
above DOC balance implies that during the glacial maxi-
mum, the DOC reservoir could have been of the order of
2000 Pg C, with upper ocean concentrations of about
132mmol C m3 (Appendix D in the supporting informa-
tion). This threefold DOC glacial increase would have taken
place at the expense of the DIC reservoir, it decreasing
by only about 1%.
[40] It is important to emphasize that these ﬁgures
should be only considered as gross indicators of potential
glacial-interglacial changes in DOC stored within the upper
ocean, as determined from the best ﬁt of our idealized model
to the observed atmospheric CO2 patterns. Our model has in-
deed ignored processes which could have a large impact on
the DOC budget of the upper ocean. One such process is
DOC return to the upper ocean through the MOC. Today’s
DOC concentrations in the deep ocean are about 35mmol C
m3 [Hansell et al., 2009] so that today’s DOC returned to
the upper ocean (estimated as the product of the DOC concen-
tration in the deep ocean times the transport of the MOC)
amounts to about 0.3 Pg C yr1. The action of this process
during the interglacial period could be expressed as effectively
increasing the α parameter. Another neglected process is ex-
port of particulate organic carbon (POC) into the deep ocean,
nowadays estimated at about 0.4 Pg C yr1 [Honjo et al.,
2008]. During an interglacial period, this effect tends to com-
pensate the previous one, effectively reducing the α parameter.
Its role during the glacial period is much more difﬁcult to
appraise, it could either imply net primary production larger
than here estimated or even the existence of a MOC-driven
compensating deep ocean DIC supply. These two combined
processes give an interglacial rate of about 0.1 Pg C yr1
export to the deep ocean, similar to our estimate for the
DOC to DIC interglacial rate of transformation in the upper
ocean, about 1300 Pg C in some 10,000 years.
[41] The solution of our model depends critically on the
temporal changes of a highly idealized MOC, one that does
not differentiate between northern and southern limbs and
between advective and diffusive return paths. We have re-
duced the complexity of the actual MOC, either the present
or past one, to one main mode of operation with regards to
carbon air-sea exchange. Today’s MOC, for example, is
characterized by sinking of carbon-rich waters in subpolar re-
gions and the return of DIC-rich waters, and CO2 outgassing,
both in the equatorial Atlantic and in the Southern Ocean (the
latter without considering anthropogenic effects [Gruber
Table 3. Values as Inferred From the Mean of the Best Executions
in Table 2a
Cycles Glacial-Interglacial 1–2 2–3 3–4
Tg (kyr) 65.8 81.3 102.0
Ti (kyr) 8.3 9.3 21.7
γi 0.776 0.624 0.765
τ0 (kyr) (εmax) 40.4 (62.4) 43.7 (64.0) 44.8 (60.0)
Γg (α= 1) 0.481 0.389 0.623
Γg (α= 0.9) 0.511 0.412 0.637
Γg (α= 0.5) 0.629 0.506 0.694
aCycles 1–2, 2–3, and 3–4 correspond to composites done using a glacial-
interglacial full cycle (τ0 belongs to the glacial decay, and εmax corresponds
to the interglacial period). All quantities except times are nondimensional.
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et al., 2012]). Our model suggests that during glacial periods,
there was no such an analogous return path. The largest areas
of the globe were dominated by the GNAIW and the forma-
tion of very dense bottom waters was localized at high
latitudes in the Southern Ocean, taking place in relatively
small surface areas but stretching worldwide under the
GNAIW [Curry and Oppo, 2005; Lynch-Stieglitz et al.,
2007]. The density difference between these water masses
was very high, so negligible mixing took place between them
[Watson and Naveira-Garabato, 2006; Skinner, 2009], and
the Antarctic waters returned to the sea surface near its
high-latitude formation areas, probably in regions with sub-
stantial sea ice capping; observed latitudinal differences in
primary production may actually reﬂect the presence of these
different water masses [Mortlock et al., 1991]. The atmo-
spheric CO2 was therefore controlled by the transformations
of carbon within the GNAIW, with DIC slowly turning into
DOC because of positive net community production.
[42] The upper ocean has been deﬁned as waters driven by
wind or buoyancy pumping with relatively short recirculation
times (order 10 years), for the glacial period corresponding to
the quite thick GNAIW. The above considerations are not in
conﬂict with our idealization of an upper ocean of constant
volume, as our nondimensional results depend only on the size
of the interglacial volume (section 2.1). It is true, however, that
this variability has to be taken into account when estimating
the glacial maximum DOC concentrations: A doubling of
the glacial size would mean halving the glacial increase in
DOC, i.e., the upper ocean DOC concentrations at the end of
the glacial period would have been about 89 rather than
132mmol C m3. Clearly, in order to obtain more accurate
results, our model would require both including a third box
to represent the Southern Ocean, as early done by Sarmiento
and Toggweiler [1984] and Siegenthaler and Wenk [1984],
and allowing a variable-size upper ocean.
[43] We wish to emphasize that by no means has our
approach intended to be a comprehensive approximation to
the Earth system. The two-box model, with the upper ocean
in equilibrium with the atmosphere, has deﬁnitely been in-
spired on the way energy is distributed and transformed in
living beings as they change their metabolic state [Pelegrí,
2008]. The approach has focused on a few global variables,
therefore ignoring any spatial variability, in a similar way
as the health of a living being is quickly assessed through a
handful of physiological variables. In particular, we have
explored the potential relevance of both a changing MOC
and a varying pool of dissolved organic matter in the upper
ocean. We believe this perception, yet far from complete,
may eventually lead to fundamentally new perspectives in
our understanding of the Earth system.
[44] Many other processes may have certainly played a
very signiﬁcant role in controlling the glacial-interglacial
variations (see reviews by Sigman and Boyle [2000],
Paillard [2001], Kohfeld et al. [2005], Sarmiento and
Gruber [2006], and Sigman et al. [2010]). For example,
Kohfeld et al. [2005] pointed that increased glacial export pro-
duction could account for about half the observed CO2
changes, and Toggweiler [1999] justiﬁed the full range in
terms of MOC variations combined with the calcium carbon-
ate compensation mechanism. Their description goes well be-
yond our objectives, but it is worth to end this section with a
brief mention of the most promising candidates.
[45] Our model’s biological pump has been most rudimen-
tary, disregarding particulate matter and making no distinc-
tion between plankton species, and the carbonate pump has
been totally neglected. Shifts in the dominant plankton types
may have had important consequences on the ocean’s DIC.
For example, our proposition of increased glacial net produc-
tion is consistent with a glacial increase in biological rain;
if such an increase was accompanied by a reduced calcium-
carbonate to organic-carbon ratio, it would have driven an
important decrease in atmospheric CO2 [Sigman and Boyle,
2000]. The physical pump has neither considered any feedback
mechanisms, such as how changes in surface temperature
(brought about by the MOC) may affect the incorporation of
heat to the upper ocean. Other mechanisms playing a potential
role in the air-sea CO2 equilibrium have also been completely
ignored: wind-driven upwelling in the Southern Ocean related
to the meridional shift in the westerlies, changes in ice coverage
and iron fertilization at high latitudes, and dust ﬂuxes to the
subtropical gyres. Finally, in our model, the upper ocean DIC
concentration is controlled by one single glacial (DIC to DOC
transformation) and two interglacial (DOC respiration and
deep-ocean supply) processes. In particular, the two interglacial
processes are assumed to begin at the same time; however, it is
possible that these interglacial mechanisms had not operated
simultaneously but sequentially. Similarly, during the glacial
period, the DIC to DOC transformation may had been
complemented with other processes, for example, the initial
MOC interruption could have been followed by iron fertiliza-
tion of the Southern Ocean [Sigman et al., 2010].
6. Concluding Remarks
[46] We have proposed a two-box ocean model for DIC in
the upper ocean, with simple parameterizations for the inten-
sity of the MOC and the net community production during
glacial and interglacial periods, whose solution displays
exponential decays toward reference DIC values. The model
is tuned with a GA in order to obtain the basal (or glacial)
time scale τ0 and the time dependence of the interglacial
recirculation rate anomaly ε(t) that provide the best model
ﬁt to the data. The model, despite its simplicity, does well
at reproducing the atmospheric CO2 glacial-interglacial
pattern, with data correlations close to 0.8 when only two
parameters (basal time scale and interglacial DIC level) and
the state-switching times are speciﬁed. The model predicts
a relatively long (basal) glacial relaxation period, 42 kyr,
which is related to the decay time for the conversion of
DIC into DOC, surprisingly similar to the period of the
Earth’s obliquity cycle. It also predicts interglacial relaxation
periods 1 to 2 orders of magnitude shorter, associated to high
heterotrophic respiration and a swift MOC.
[47] The metabolic rate of the ocean system has been identi-
ﬁed with the net primary production of the autotrophic com-
munity. This concept has allowed us to explore the idea that
the ocean (and probably the Earth) system switches between
two different metabolic states, characterized by quite different
rates of inorganic carbon and nutrient supply to the upper
ocean and, therefore, photosynthetic solar energy transforma-
tion. As the system shifts to an enhanced (interglacial) state,
the DIC and inorganic nutrients are supplied by the deep ocean
through a progressive increase in the MOC. This match is not
attained instantly, so the system must resource to inorganic
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nutrients and carbon resulting from oxidation of organic mat-
ter. The metabolic rate experiences a large increase, but the
heterotrophic respiration is so large that total respiration ex-
ceeds primary production. When the system returns to the
basal (glacial) state, it slowly recovers its reserves of organic
matter. During this period, the metabolic rate, despite being
small, exceeds the heterotrophic respiration.
[48] We have not proposed what may be the mechanisms
that lead to such substantial changes in ocean state.
Whatever the triggering mechanisms, for a review, see
Paillard and Parrenin [2004], they must have intense posi-
tive feedback within the Earth system. Instead, our simple
model has focused on assessing what the atmospheric CO2
glacial-interglacial patterns may be telling us about the car-
bon transformations taking place within the upper ocean.
Our results suggest that upper ocean DIC supply during an
interglacial period, both from the deep ocean and through
DOC remineralization, equals the DIC employed through
net primary production during the adjacent glacial period.
A novel element is the role played by dissolved organic mat-
ter in the upper ocean as a proximal and relatively fast source
of inorganic carbon and nutrients, building up during glacial
periods and becoming available through enhanced heterotro-
phic respiration during the interglacial times. This mode of
operation is indicative of the existence of a pulsating homeo-
static organization, e.g., the longer and deeper a glacial
period, the more intense will be the next interglacial.
[49] Analogous temporal patterns have been observed in
other complex systems, as they change between two distinct
metabolic states [Scheffer et al., 2001, 2009; Dakos et al.,
2008]. For example, as mammals begin exercise, they expe-
rience changes in the rate of oxygen and nutrient supply to
the different organs, coming from both nearby (reserves
within cells) and remote (brought by the circulatory system)
sources [Pelegrí, 2008]. The corollary of this study may
possibly be that future work on the climate of the Earth
system shall beneﬁt from observations of the organization
and response of other complex systems, such as living
beings, hence using physiology as a source of inspiration.
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